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a b s t r a c t
The equilibrium Fe isotope fractionation factor between aqueous Fe(II) and goethite has been experimentally
measured to be −1.05± 0.08‰ in 56Fe/54Fe (2σ) at 22 °C, using the three-isotope method. Experiments were
done using two sizes of goethite (81 × 11 nm and 590 × 42 nm), and the experimental products were subjected to
serial extraction using acid partial dissolution techniques to determine if surface Fe(III) atoms have different
isotopic properties than the bulk goethite. These experiments indicate that the interaction of Fe(II)aq and goethite
is dynamic and results in complete or near-complete Fe isotope exchange over 30 days, involving at least four
components: Fe(II)aq, goethite, sorbed Fe(II), and Fe(III)surface. The equilibrium fractionation factor between Fe
(II)aq and Fe(II)sorb is the same for both sizes of goethite, at Δ56FeFe(II)aq–Fe(II)sorb = −1.24± 0.14‰; this
fractionation factor is signiﬁcantly different than the results of previous studies on Fe(II) sorption to goethite. The
proportion of the Fe(III)surface component is greatest in the experiments that used the smallest goethite, and the Fe
(III)surface–Fe(II)aq fractionation is estimated to be at least +2.1‰. The high Fe(III)surface–Fe(II)aq fractionation
may exert a signiﬁcant inﬂuence on the Fe isotope compositions of aqueous Fe(II) in natural systems that contain
nanoparticulate goethite, including those involving bacterial iron reduction. These results demonstrate that the
isotopic properties of nano-scale minerals may be distinct from micron-scale or larger minerals, as is the case for
other thermodynamic properties of nanoparticles.
© 2010 Elsevier B.V. All rights reserved.

1. Introduction
The interaction of aqueous Fe(II) (Fe(II)aq) with iron oxides and
hydroxides is a dynamic process that produces a variety of reactions
including: 1) sorption of Fe(II)aq onto the oxide surface, 2) exchange
of electrons between Fe(II) and Fe(III), 3) loss of Fe(II) to the iron
oxide via transport of electrons in the substrate, 4) production of more
stable oxides through phase transformation, and 5) coupled electron
and atom exchange (e.g., Cwiertny et al., 2008; Gorski and Scherer,
2009; Hansel et al., 2005; Larese-Casanova and Scherer, 2007;
Pedersen et al., 2005; Silvester et al., 2005; Williams and Scherer,
2004; Yanina and Rosso, 2008). Of the crystalline iron oxide/
hydroxides that occur in nature, goethite is the most common in
lacustrine and marine sediments (e.g. van der Zee et al., 2003). There
have been a number of Fe isotope studies that have investigated the
reaction between Fe(II)aq and goethite, including studies of massdependent, “natural” isotopic fractionations by Icopini et al. (2004),
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Crosby et al.(2007), Jang et al. (2008), and Mikutta et al. (2009), as
well as studies that have evaluated isotope exchange using enriched
55
Fe measured by alpha counting (Pedersen et al., 2005), and 57Fe and
56
Fe isotope tracers measured by either Mössbauer spectroscopy or
isotope ratio mass spectrometry (e.g., Handler et al., 2009; Silvester
et al., 2005; Williams and Scherer, 2004). Collectively, these studies
highlight the reactive nature of Fe(II)aq–goethite interactions, and
Handler et al. (2009) proposed that dynamic dissolution/re-precipitation may occur via a “redox-driven conveyor belt”.
Studies of the naturally occurring, mass-dependent Fe isotope
fractionations produced by Fe(II)aq–goethite interactions have yielded
a wide variety of results. Crosby et al. (2005, 2007) studied Fe isotope
fractionation associated with Fe(II)aq produced by dissimilatory iron
reducing (DIR) bacteria grown on goethite, and concluded that Fe
isotope fractionation was largely driven by electron and atom
exchange between Fe(II)aq and a reactive ferric layer (Fe(III)reac)
produced on the goethite surface. These reactions produced Fe(II)aq of
low δ56Fe value as compared to a higher δ56Fe value for the reactive
ferric layer. These studies also investigated the isotopic fractionations
between Fe(II)aq and sorbed Fe(II) (Fe(II)sorb), which Crosby et al.
(2005, 2007) estimated to be ∼ − 0.9‰ in 56Fe/54Fe. Although the
effects of sorption on the isotopic compositions of Fe(II)aq were
signiﬁcant during the initial stages of DIR, the effects became very
small upon greater extents of reduction. In contrast, studies by Icopini
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et al. (2004) and Jang et al. (2008) suggest that the Fe isotope
variations associated with interaction of Fe(II)aq and goethite are
largely controlled by sorption of Fe(II) onto goethite. Jang et al. (2008)
proposed that in addition to sorption of Fe that had high 56Fe/54Fe
ratios, there is a kinetic fractionation associated with electron transfer
into the goethite structure that produces a ferrous material with a
56
Fe/54Fe ratio that is higher than that of aqueous Fe. These
conclusions were based on abiologic experiments (Icopini et al.,
2004; Jang et al., 2008) and biological experiments in which aqueous
Fe was produced by DIR bacteria grown on goethite (Icopini et al.,
2004). Icopini et al. (2004) estimated there to be a 2.7 to 3.7‰
fractionation in 56Fe/54Fe between Fe(II)sorb and Fe(II)aq, although this
study did not measure the sorbed Fe component directly. Jang et al.
(2008), using a similar approach to that of Icopini et al. (2004),
estimated the fractionation between Fe(II)sorb and Fe(II)aq to be +
0.29 to + 2.30‰. In addition, Jang et al. (2008) calculated an
“included” Fe(II) component in goethite (an Fe(II) component not
released by 0.5 M HCl extraction) that initially had a δ56Fe value that
matched Fe(II)aq, and with time became more similar to the Fe(II)sorb
component. Because, however, the experimental protocols involved
analysis of mixtures of Fe(II)aq and goethite, without partial
dissolution of the solids or extraction of the sorbed component, it is
difﬁcult to reconcile these results with those of Crosby et al. (2005,
2007).
The Fe isotope fractionations produced during ﬂow-through
experiments that involved Fe(II)aq pumped through goethite-coated
sand were reported by Mikutta et al. (2009). This study interpreted
the observed fractionations to reﬂect sorption of Fe(II) coupled with
minor atom exchange between Fe(II)aq and goethite, and Mikutta
et al. (2009) estimated the equilibrium Fe isotope fractionation
between Fe(II)aq and Fe(II)sorb to be − 0.73‰ in 56Fe/54Fe. This
conclusion was based on assuming that the Fe isotope composition of
the exchanged Fe is equal to the Fe isotope composition of Fe(II)sorb,
and, based on mass-balance modeling, it was estimated that ∼3% of
the exchangeable Fe pool experienced atom exchange.
The results of the Fe isotope studies of Fe(II)aq–goethite interactions discussed above are difﬁcult to apply to natural systems because
of the wide variety of experimental approaches, and the fact that the
equilibrium Fe(II)aq–Fe(II)sorb and Fe(II)aq–goethite Fe isotope fractionation factors have not been rigorously determined, which are
required to understand potential kinetic effects. Here we apply the
three-isotope method, using an enriched 57Fe tracer, to constrain the
extent of atom exchange between different components in the system
Fe(II)aq–goethite at room temperature. Through stepwise partial
dissolution, the components that were open to isotopic exchange can
be identiﬁed, including aqueous Fe(II), sorbed Fe(II), surface Fe(III),
and bulk goethite. These results provide the most rigorous determination to date of equilibrium Fe isotope fractionation factors in ﬂuid–
mineral systems at low temperature, and when compared to
fractionation factors calculated from theory, highlight important
inconsistencies that need to be addressed.

and its mineralogical and morphological characterization is described
in Cwiertny et al. (2008). The details of the experimental setup and
the preparation of the aqueous 57Fe-enriched solution that was
reacted with goethite are described in Handler et al. (2009). Separate
reactors were sacriﬁced for each time point, which avoids the
changing mass-balance relations that would occur by serially
sampling a single reactor for every time point. Each reactor contained
30 ± 0.3 mg of goethite, ∼14.8 mL of a ∼ 1 mM Fe(II) solution with
25 mM KBr, 25 mM HEPES, and the pH was adjusted to 7.5 by addition
of small volumes of 0.5 mM KOH. There is some uncertainty in the
solution volume of each reactor; this is due to variable solution
retention on the 0.2 μm ﬁlters used to exclude solid ferric oxides
formed by addition of the concentrated ferrous Fe solution to the
HEPES-buffered solution, prior to introduction into the reactors.
Replicate ﬁltration of solutions showed that the average delivery
volume of a 15 mL aliquot ﬁltered through a 0.2 μm syringe ﬁlter was
14.8 ± 0.1 mL. The Fe concentration delivered to each bottle was also
variable, reﬂecting differences in the delivered volumes of the
concentrated stock 57Fe-enriched solution into the HEPES-buffered
solution. The starting Fe concentration in each reactor was measured
via spectrophotometry, and ranged from 1.011 to 1.113 mM Fe(II).
Every time point was duplicated or triplicated, which resulted in a
total of 40 reactors for the micro and nanorod experiments that were
sampled after 0.17, 12, 38, 74, 142, 354, and 717 h of Fe(II)aq–goethite
reaction. In addition, 4 control reactors of the aqueous Fe(II) solution
without goethite were processed along with 2 controls each of micro
and nanorod goethite that were exposed to an Fe-free buffer solution,
respectively. These controls demonstrate that there was no oxidation
of aqueous Fe(II) by O2, and that the goethite did not dissolve or react
in the Fe-free buffered solutions.
Five samples were taken from each reactor under anaerobic
conditions. An aqueous Fe sample was collected by centrifugation,
followed by decanting the solution and ﬁltration. Following
centrifugation, the solids were subjected to four serial partial
dissolutions. The solution obtained from each partial dissolution
was collected by centrifugation and decanting, followed by
ﬁltration using a 0.2 μm syringe ﬁlter. Extract 1 was a resuspension
of the solids in 5 mL of 0.4 M HCl. Extract 2 consisted of a 45 minute
resuspension in 60 °C HCl; the nanorods were subjected to a 1 M
HCl solution, and the microrods to a 1.75 M HCl solution. Extract 3
was a repeat of extract 2, and extract 4 was complete dissolution of
the remaining solids using 5 M HCl at 60 °C. The conditions used for
extracts 1, 2, and 3 were optimized based on extensive testing so
that extract 1 contained the maximum possible proportion of Fe(II),
and extracts 2 and 3 contained the maximum possible proportion
of Fe(III). Each sample was analyzed for its Fe isotope composition
and Fe(II) and total Fe concentration. The protocols for total Fe and
Fe(II) concentration analysis are given in Handler et al. (2009). The
Fe abundances and speciation are reported in Supplementary
information Table S1.
2.2. Fe isotope data presentation and analysis

2. Experimental design and analytical methods
2.1. Experimental setup
The experimental design is based on reacting aqueous ferrous
Fe-enriched solutions with goethite over 30 days. All experiments
were performed in an anoxic glove box, and extreme care was taken
to exclude O2 from the experiments during sample extractions. All
experiments were run at room temperature, which was stable at 22 ±
1 °C over the course of the experiments. Two types of goethite were
investigated: 1) nanorod goethite that was 81 nm by 11 nm in
dimension, and 2) microrod goethite that was 590 nm by 42 nm in
dimension. The BET surface areas of the nanorod and microrod
goethite were 110 and 40 m2/g, respectively. Preparation of goethite
57

Iron isotope compositions are described using standard δ notation,
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Where the 56Fe/54Festandard and 57Fe/56Festandard are the average of
igneous rocks (Beard et al., 2003). Note we use the term δ57Fe/56Fe
rather than δ57Fe, because the later is commonly deﬁned in the
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literature based on 57Fe/54Fe ratios. The isotopic fractionation
between two phases is deﬁned as
56

56

54

56

54

αA–B ¼ ð Fe= FeÞA =ð Fe= FeÞB

ð3Þ

following standard practice, and an analogous deﬁnition may be based
on 57Fe/56Fe ratios. To a very good approximation,
3

56

56
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10 lnαA–B ∼Δ FeA–B ¼ δ FeA −δ FeB

ð4Þ
56

54

In general we focus in this study on the Fe/ Fe variations to infer
equilibrium mass-fractionation factors because the starting materials
had “normal” 56Fe/54Fe ratios; the extent of isotopic exchange is best
monitored using the 57Fe/56Fe ratios because an enriched 57Fe
aqueous Fe(II) solution was used. If 100% isotopic exchange occurred,
57
Fe/56Fe and 56Fe/54Fe ratios will provide the same information
regarding mass-dependent isotopic fractionation factors, as discussed
in more detail in Section 4.
Prior to isotopic analysis, all samples were puriﬁed using anionexchange resin and HCl, following the methods of Beard et al. (2003).
Ion-exchange column yields were determined using Ferrozoine, and
were between 97 and 103%. The puriﬁed Fe was analyzed for its 56Fe/
54
Fe and 57Fe/56Fe isotope ratios using a Micromass IsoProbe. The
measured Fe isotope composition of the IRMM-014 Fe isotope
standard was δ56Fe = -0.09 ± 0.04 and δ57Fe/56Fe = −0.03 ± 0.05‰
(average and 1-standard deviation of 4 analyses). Based on replicate
analyses of standards and samples processed through the entire
analytical procedure the δ56Fe values are accurate and precise to
0.05‰ (1σ) and the accuracy and precision of the δ57Fe/56Fe values is
slightly poorer, at 0.13‰ (1σ). Details of the analytical methods and
the measured Fe isotope compositions are reported in Supplementary
information Table S2.
2.3. Three-isotope method
The three-isotope method was employed to rigorously document
the isotopic fractionation factor that would be achieved at complete
isotope exchange, and thus likely represent the equilibrium isotope
fractionation factor. This technique was initially developed by Matsuhisa et al. (1978) to study O isotope fractionation and has been
employed for a variety of experimental studies for O (e.g., Matthews
et al., 1983) and Fe (e.g., Shahar et al., 2008). This technique follows the
isotope exchange between two components that do not initially plot
upon the same mass-dependent isotope fractionation line because one
component contains an enriched isotope relative to the other
component. At complete isotopic exchange, the two components will
plot along a common “secondary” mass-fractionation line which must
pass through the isotopic composition of the system, as dictated by
mass-balance. The difference in isotopic composition between the
components that lie on the “secondary” mass-fractionation line is the
isotopic fractionation factor. The true utility of this system is that in the
case of simple two-component exchange that does not go to completion,
it is possible to extrapolate to the isotopic composition at complete
exchange. In cases where there are more than two components involved
in incomplete isotope exchange it will be more difﬁcult to extrapolate to
conditions of complete exchange because the exchange trajectories
deﬁned by the components may be curves rather than lines.
3. Results
Addition of Fe(II)aq to goethite resulted in a rapid (b1 h) decrease
in the aqueous Fe(II) concentration, reﬂecting sorption of Fe(II) to the
goethite surface. Steady-state conditions with respect to net mass
transport of Fe(II) were generally reached by ∼ 200 h (Fig. 1), and this
was reﬂected in the relatively constant Fe molar proportions results
obtained for all experiments for time points ≥ 200 h, including the
proportion of total Fe and the ferrous to total Fe ratio in all extracts for

243

the micro and nanorod experiments (Fig 1, Table S1). The aqueous Fe
and extract 1 in the nano and microrod experiments predominately
consisted of ferrous Fe (N92% Fe(II) of total Fe), whereas extracts 2
and 3 were mostly ferric iron (Fig 1, Table S1). Extract 1 is therefore
interpreted to reﬂect sorbed Fe(II), whereas extracts 2 and 3 reﬂect
partial dissolution of surface goethite that underwent isotopic
exchange (and possibly some unexchanged goethite), in addition to
minor carryover of sorbed Fe(II) not removed by extract 1.
There are differences in the relative Fe proportions in the extracts
between the nano and microrod experiments, where the nanorod
experiments have the lower molar proportion of aqueous Fe and
extract 4 as compared to the microrod experiments (Fig 1).
Differences in the total Fe molar proportions between the micro and
nanorod experiments are most likely a result of the differences in
surface area. These differences in molar proportions are not an
analytical artifact because the ratio of total Fe recovered from all
extractions, relative to the known amount of Fe added to the reactors,
is the same: 0.92 ± 0.07 and 0.93 ± 0.05, respectively.
Total Fe(II) recovery (sum of Fe(II) in the aqueous samples and all
extracts) was achieved for the nanorod experiments. In contrast, Fe
(II) recovery was incomplete for the longer duration microrod
experiments, where there was typically a 4% loss in the amount of
Fe(II) recovered. This loss of Fe(II) was unlikely to be caused by
oxidation by O2 because the nanorod experiments, which were
treated identically to the microrod experiments, did not show such a
phenomenon. A likely reason for this apparent Fe(II) loss in the
microrod experiments is that these products did not pelletize as well
as in the nanorod experiments during centrifugation, resulting in
some loss of goethite and attendant loss of Fe(II)sorb. Alternatively,
loss of Fe(II) from the aqueous and sorbed Fe(II) pools to the ferric
oxide in Fe(II)-iron oxide experiments has been observed in other Fe
(II)-oxide experiments, and has been interpreted to reﬂect conduction
of electrons into the solid substrate (e.g., Yanina and Rosso, 2008).
Changes in δ57Fe/56Fe and δ56Fe values occurred over time for all
experiments (Table S2). Although the initial δ56Fe values for Fe(II)aq
and goethite were similar, changes in δ56Fe values demonstrate
exchange of Fe isotopes, where the apparent Fe(II)aq–goethite
fractionations increased in magnitude with time (Fig. 2). As discussed
above a rigorous assessment of the extent of Fe isotope exchange is
provided by changes in δ57Fe/56Fe values, given the large initial
isotopic contrast between Fe(II)aq and goethite, and these variations
coupled with changes in δ56Fe values, are illustrated in a “threeisotope” diagram in Fig. 3.
4. Discussion
Essentially 100% isotopic exchange was attained at the end of all
experiments, including goethite, such that all components plotted
along or close to the “secondary” mass-dependent fractionation line
as dictated by the three-isotope method. As discussed below, the
partial extractions identify multiple components that underwent
isotopic exchange, which is interpreted to reﬂect different Fe(III)
components, including surface Fe(III) and bulk goethite Fe(III) of
different isotopic compositions. The new Fe(II)aq–goethite fractionation factors measured here, when combined with other mineral–
ﬂuid experimental studies to obtain mineral–mineral fractionation
factors, compare well with mineral–mineral Fe isotope fractionations
calculated from theory, but signiﬁcant differences exist between
experimentally measured and calculated mineral–ﬂuid Fe isotope
fractionation factors, indicating further reﬁnement is needed in
fractionation factors calculated from theory.
4.1. Components open to Fe isotope exchange
Based on the differences in Fe isotope composition and oxidation
state in the aqueous Fe and serial extractions that were measured, we
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Fig. 1. Plot of molar proportion of total Fe and molar percent of Fe(II)/total Fe as a function of time that aqueous Fe(II) is allowed to equilibrate with micro and nanogoethite. Note the
breaks in scale; the bulk of the total Fe is contained in the goethite (residue) fraction. Additionally, there is a break in scale for the molar percent of Fe(II) to total Fe where aqueous Fe
and extract 1 are N 90% Fe(II).

identify at least 4 components that experienced Fe isotope exchange.
These components include Fe(II)aq, Fe(II)sorb, Fe(III)surface, and bulk
goethite. The Fe(II)aq, Fe(II)sorb and bulk goethite components reﬂect
nearly pure compositions in the aqueous Fe, extract 1, and extract 4
samples, respectively. The Fe(III)surface component may be characterized using extract 2 after minor correction for Fe(II) that reﬂects small
extents of carryover of sorbed Fe(II). Operationally, we can calculate
the end-member Fe(III)surface component by simple mass-balance
relations, in which we assume that all the Fe(II) in extract 2 is Fe
(II)sorb that had the Fe isotope composition measured in extract 1, and
that all the Fe(III) is the surface ferric layer (e.g., Crosby et al., 2005,
2007). The Fe(II) correction is insigniﬁcant in the nanorod experi-

ments because Fe(II) only comprises ∼3.8% of the total Fe in extract 2,
but this correction is more important in the microrod experiments,
where Fe(II) comprises ∼18.6% of the total Fe in extract 2. Typically,
the Fe(II) correction increases the δ56Fe value of the Fe(III)surface
component by an average of 0.01‰ for the nanorods and 0.06‰ for
the microrods relative to the measured δ56Fe value of extract 2.
An important ﬁnding in the current study is the observation that
the δ56Fe values for the Fe(III)surface component, at complete or nearcomplete exchange (see Section 4.2), are higher than those of the bulk
goethite, which implies that the Fe atom bonding environments of
these components differ. It is unknown if the Fe(III)surface component
has a uniform Fe isotope composition, or reﬂects a mixture of surface

B.L. Beard et al. / Earth and Planetary Science Letters 295 (2010) 241–250

245

Fig. 2. Iron isotope results for the different extracts as a function of time that enriched 57Fe Fe(II)aq is allowed to equilibrate with normal isotopic composition goethite. Data shown
are for experiment A from the micro and nanogoethite experiments.

Fe and bulk goethite. If we assume that the Fe(III)surface component in
extract 2 solely reﬂects surface Fe(III) that has high δ56Fe values, the
lower δ56Fe values measured for extract 3 seem most likely to reﬂect a
mixture of surface Fe(III) and bulk goethite. Based on a simple mixing
calculation, on average, 57% of the Fe in extract 3 could be attributable
to Fe(III)surface for both the nano and microrods, with the balance of Fe
from bulk goethite. Based on these calculations, the Fe(III)surface
component sampled in extracts 2 and 3 reﬂects 4.2 ± 0.7% of the total
Fe in the nanorods, and 0.8 ± 0.2% of the total Fe in the microrods
(average and 1-standard deviation determined from the triplicate
experiments for each goethite size). Assuming a rhombohedral
geometry, ∼ 20% of the Fe atoms in the nanorods should be surface
atoms, and ∼ 4% of the Fe atoms in the microrods should be surface
atoms; therefore, the Fe(III)surface component sampled in extracts 2
and 3 seems likely to reﬂect only a small proportion of the total
surface Fe(III) atoms of the goethite.
4.2. Three-isotope exchange constraints on equilibrium
fractionation factors
The three-isotope exchange experiments used here provide the
best approach for unambiguously determining the extent of isotopic
exchange, and hence the likelihood that the measured isotopic
fractionations reﬂect equilibrium conditions. It is important to note
that if all phases plot on the mass-dependent fractionation line, this
demonstrates that complete exchange occurred, but it does not
strictly prove that isotopic equilibrium was attained. It is possible, for
example, that isotopic exchange occurred through a dissolution/reprecipitation mechanism, where dissolution and precipitation rates
were rapid and hence the ﬁnal isotopic compositions reﬂect kinetic,
mass-dependent fractionation. Because steady-state conditions were
reached early in our experiments, and isotopic exchange continued
for the length of the experiments under conditions of unchanging Fe
balances, it seems likely that any dissolution/re-precipitation occurred slowly, and we therefore interpret the data obtained at
complete, or near-complete isotopic exchange to reﬂect equilibrium
isotope fractionations.
The isotopic exchange trajectories in a three-isotope experiment
with multiple exchange components may deviate from the linear
relations of a two-component system if different exchange rates occur
for different components in a complex system. Fig. 3 shows the results
for one of the nanorod experiments for 54Fe/56Fe–57Fe/56Fe variations
for the four components we have identiﬁed, and these results are
typical of those obtained in all experiments. In all experiments, Fe

(II)aq and bulk goethite (extract 4) plot on the mass-fractionation line
at the end of the experiment. The four components do not, however,
approach the mass-fractionation line in a linear manner, and the
curvilinear trends of the four components reﬂect multi-component
“mixing” or exchange. Because the time trends of these fourcomponent exchange experiments are curves, as compared to straight
lines in simpler two-component isotope exchange experiments (e.g.,
Matthews et al., 1983; Shahar et al., 2008), extrapolation to the massfractionation line is more difﬁcult. We note, however, that there is
little difference in the extrapolated Fe isotope compositions for Fe
(II)aq and goethite as compared to the measured values. Because these
components reached essentially 100% exchange, we use the measured
Fe isotope compositions to discuss the Fe isotope fractionation factors
that are calculated between the various components (Table 1).
The Fe isotope fractionations between Fe(II)aq and the other
components are shown in Fig. 4. There is no resolvable difference in
the Δ56FeFe(II)aq–Fe(II)sorb fractionation factor between the nano and
microrod experiments (Table 1), and the pooled Δ56FeFe(II)aq–Fe(II)sorb
average of all the experiments is -1.24 ± 0.14‰ (Table 1). The
equilibrium Fe(II)aq–Fe(II)sorb fractionation factor measured here is
signiﬁcantly different than all estimates from previous studies, which
ranged from −0.3 to − 3.7‰ (Icopini et al., 2004; Crosby et al., 2005,
2007; Jang et al., 2008; Mikutta et al., 2009), but we note that in none
of these prior studies was attainment of isotope equilibrium
rigorously demonstrated. There are, however, measurable differences
in the isotopic fractionation factors for other components between the
nano and microrod experiments, where the Δ56FeFe(II)aq–goethite and
the Δ56FeFe(II)aq–Fe(III)surface fractionations are higher in the nanorod
experiments (Fig. 4; Table 1). This difference is most pronounced for
the Δ56FeFe(II)aq–Fe(III)surface fractionation factor. We suggest that these
differences are largely controlled by surface area effects. Extract 2 is
the best representative of the Fe(III)surface component, and its
characteristics include a high δ56Fe value relative to all other
components. The origin of the high δ56Fe values for the Fe(III)surface
component is most likely due to differences in bonding of Fe at
the surface of the goethite as compared to Fe that is in the interior of
the goethite. Possible differences in isotopic properties could
include the decrease in number of bonds to structural oxygen as
compared to the interior of goethite, or energetic changes due to
crystal defects, edges, or corners on the surface, or speciﬁc crystal
faces. Fe(III)surface may reﬂect a variety of isotopic compositions due to
these effects, as indicated by the different Δ56FeFe(II)aq–Fe(III)surface
fractionations measured for the nanorod and microrod experiments
(Fig. 4). We suggest that the less negative Δ56FeFe(II)aq–Fe(III)surface
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fractionation is the microrod experiments, which have the lowest
proportion of surface Fe atoms and reﬂect solely the intrinsic goethite Fe
bonding environment.
4.3. Comparison of fractionation factors measured by experiment and
calculated from theory
Experimentally determined aqueous Fe–mineral isotope fractionation factors are available for three abiologic systems: aqueous Fe
(III)–hematite (Skulan et al., 2002), aqueous Fe(II)–siderite (Wiesli et
al., 2004), and aqueous Fe(II)–goethite (this study). In combination
with the experimentally determined aqueous Fe(II)–Fe(III) fractionations of Johnson et al. (2002) and Welch et al. (2003), these results
may be combined to obtain a self-consistent, experiment-based
mineral–mineral fractionation factors, or ﬂuid–mineral fractionations
that involve a common aqueous species, Fe(II)aq (Table 2). In the
above experimental studies, aqueous Fe largely existed as [FeII(H2O)6]2+
or [FeIII(H2O)6]3+; additional experimental studies investigated the
effects of high chloride contents (Hill et al., 2009). To compare the
experimental results with isotopic fractionations calculated from theory,
the isotopic fractionation factor between phases A and B is related to the
reduced partition function ratio, or “beta factor” (β56/54) via:
3

56

3

56 = 54

10 ln αA−B = 10 ln βA

Fig. 3. Plot of 54Fe/56Fe versus 57Fe/56Fe of the different extracts. Symbols are shaded
where darkest symbols represent the earliest time points. Isotope data are plotted with
a common denominator such that two-component mixing will be a straight line.
Because there are multiple components that formed during this experiment the
extracts deﬁne curvilinear trends in panel A. Panel B shows the possible straight line
extrapolation of the different extracts to the equilibrium mass-fractionation line. The
plotted data are for experiment 1A and are representative of the other experiments.

fractionation factor measured for the microrod goethite is a result of a
lower proportion of surface Fe that has high δ56Fe values relative to
bulk Fe, as compared to the nanorod experiments.
The Fe isotope effects due to differences in bonding of Fe on the
surface of goethite will be most pronounced on the high surface areato-volume nanorod experiment, and we suggest that differential
surface effects may explain the small (0.2‰), but signiﬁcant,
difference in the measured Δ56FeFe(II)aq–goethite fractionation factor
between the nanorod experiments and the microrod experiments
(Fig. 4, Table 1). Because the nanorod goethite has a higher surface
area relative to the microrod goethite, the slightly more negative
Δ56FeFe(II)aq–goethite fractionation factor for the nanorods is interpreted
to reﬂect the greater proportion of surface Fe that has high δ56Fe values,
which is consistent with the Δ56FeFe(II)aq–Fe(III)surface fractionations.
Therefore, the best estimate for the equilibrium Δ56FeFe(II)aq–goethite

3

56 = 54

−10 ln βB

ð5Þ

β56/54 factors have been calculated for [FeII(H2O)6]2+ (Anbar et al.,
2005; Domagal-Goldman and Kubicki, 2008; Ottonello and Zuccolini,
2009; Schauble et al., 2001), [FeIII(H2O)6]3+ (Anbar et al., 2005;
Domagal-Goldman and Kubicki, 2008; Domagal-Goldman et al., 2009;
Hill and Schauble, 2008; Hill et al., 2009; Ottonello and Zuccolini,
2009; Schauble et al., 2001), hematite (Blanchard et al., 2009;
Polyakov and Mineev, 2000; Polyakov et al., 2007), siderite (Blanchard et al., 2009; Polyakov et al., 2007), and goethite (Polyakov and
Mineev, 2000). A wide variety of computational approaches and
models have been used for calculating the β56/54 factors for [FeII
(H2O)6]2+ and [FeIII(H2O)6]3+, and these results vary by ∼ 2‰ for both
hexaquo Fe(II) and Fe(III) at room temperature, a signiﬁcant range for
Fe isotopes relative to the range measured in nature.
The experimentally determined Fe(II)aq–goethite, Fe(II)aq–siderite,
and Fe(III)aq–hematite Fe isotope fractionation factors are consistently
lower than those predicted from theory (Fig. 5). Although the calculated
ﬂuid–mineral fractionations vary by ∼2‰, reﬂecting the wide variety of
computational and modeling approaches used, there appears to be a
consistent offset between calculated and experimentally measured
fractionation factors. In terms of experimental studies, we have a high
degree of conﬁdence that the Fe(II)aq–goethite fractionation factor
measured in the current study reﬂects equilibrium conditions, because
57
Fe-enriched Fe was used to establish complete or near-complete
isotopic exchange. Skulan et al. (2002) also used 57Fe-enriched Fe to
establish that, in their experiments, ∼85% isotopic exchange occurred
for one experiment that was representative of conditions used for
several experiments that involved various dissolution/re-precipitation
rates; corrections used by Skulan et al. (2002) to account for the lack of
complete isotopic exchange, as well as the effects of variable dissolution/
re-precipitation rates are on the order of 0.3‰ in 56Fe/54Fe, which is
insufﬁcient to explain the difference between the predicted and
experimentally determined Fe(III)aq–hematite Fe isotope fractionation
factor. There is no evidence that the kinetic Fe isotope fractionation
factor measured by Skulan et al. (2002) may somehow be the
equilibrium fractionation, as suggested by Anbar et al. (2005), a
suggestion that is inconsistent with the evidence for slow isotopic
exchange rates of the experiments, nor the correlation between isotopic
fractionation and dissolution/re-precipitation rates. The Fe(II)aq–siderite fractionation determined by Wiesli et al. (2004) involved the classical
approach of slow precipitation; although this approach is the same as
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Table 1
Fe isotope composition of Fe components at equilibrium.
Experiment

Fe(II)aq
56

δ Fe

Goethite
56

δ Fe

Extrapolated values using last three-times pointsa
Nanorod A
−1.40
−0.17
Nanorod B
− 1.51
− 0.25
Nanorod C
−1.29
−0.11
Microrod A
− 0.72
0.20
Microrod B
− 1.21
0.24
Microrod C
−0.96
0.05

Fe(II)sorb
56

Fe(III)surface

Δ56FeFe(II)aq–goethite

Δ56FeFe(II)aq–Fe(II)sorb

Δ56FeFe(II)aq–Fe(III)surface

56

δ Fe

δ Fe

−0.31
− 0.37
−0.51
0.39
0.51
0.32

0.77
0.86
0.69
0.89
0.86
0.79

−1.23
− 1.26
− 1.19
− 0.92
− 1.45
− 1.01

−1.09
− 1.14
− 0.78
−1.11
− 1.72
− 1.28

− 2.17
− 2.37
− 1.99
− 1.62
− 2.07
− 1.75

0.67
0.75
0.51
0.73
0.84
0.73

−1.18
− 1.25
− 1.22
− 1.10
− 1.02
− 1.04
− 1.05 ± 0.08
− 1.22±0.08
− 1.13 ± 0.10

−1.23
− 1.37
− 1.00
−1.24
− 1.31
− 1.31
−1.29 ± 0.08
−1.20 ± 0.46
−1.24 ± 0.14

− 2.13
− 2.28
− 1.90
− 1.63
− 1.74
− 1.69
− 1.68 ± 0.08
− 2.10 ± 0.48
− 1.89 ± 0.27

Measured values of ﬁnal time point (corrected for 57Fe tracer)b
Nanorod A
−1.46
−0.28
−0.23
Nanorod B
− 1.53
− 0.28
− 0.16
Nanorod C
−1.39
−0.17
−0.39
Microrod A
− 0.90
0.20
0.34
Microrod B
− 0.90
0.12
0.41
Microrod C
−0.96
0.08
0.35
Weighted Average using preferred values for microrodsc
Weighted Average using preferred values for nanorodsc
Weighted Average using preferred values all experimentsc

a
Extrapolated Fe isotope compositions are based on using a straight line best ﬁt to the ﬁnal three time points for each component, to the mass-balance determined “secondary”
mass-fractionation line (except for the goethite microrod C experiment which was not analyzed for the 354 hour time point). The average mass-balance “secondary” massfractionation line was calculated using the measured Fe isotope composition and total Fe measured in the serial extracts for all of the micro or nanorod experiments.
b
The ﬁnal measured values are “spike-subtracted” for small differences in the amount of 57Fe tracer in each of the aliquots. The correction is based on using the measured 57Fe/56Fe
ratio to calculate the molar ratio of normal isotope composition to spike isotope composition and using this molar ratio to subtract the small differences in 56Fe/54Fe of the enriched
57
Fe tracer as compared to the goethite compositions. These corrections are small, and result in a an average decrease in the Fe(II)aq and goethite δ56Fe values of 0.07 and 0.02‰,
respectively, relative to the measured isotopic composition.
c
The average fractionation factor is calculated using IsoPlot (version 2.49) using a weighted average assuming that there is a 0.14‰ 2σ error for the fractionation factor which is
based on the external 2 standard deviation error of 0.1‰ for an analysis and assuming the error of the fractionation factor is the square root of the sum of the square of the errors. The
errors for these preferred weighted average fractionation factors are the 95% conﬁdence interval errors calculated by IsoPlot. The Fe(II)aq isotope compositions is the aqueous Fe
isotope composition of the serial extraction, the Fe(II)sorb value is extract 1, the goethite is extract 4, and the Fe(III)surface is based on extraction 2 with a subtraction for the sorbed
component as discussed in text.

that accepted for C and O isotope fractionation studies, there is no
rigorous proof that isotopic equilibrium is attained in such approaches,
although it is certainly possible that the fractionation reﬂected
equilibrium conditions.
Generally closer agreement between experimentally measured
and calculated fractionation factors occurs if ﬂuid–ﬂuid and mineral–
mineral fractionation factors are compared (Fig. 6). The Fe(II)aq–Fe
(III)aq fractionation factors measured by Johnson et al. (2002) and

Welch et al. (2003) lie within 0.6‰ of the DFT-PCM and DFT models of
Anbar et al. (2005), the in vacuo and IEFPCM models of DomagalGoldman and Kubicki (2008), and the B3LYP (gas) model of Ottonello
and Zuccolini (2009); there is a large, discrepancy, however, between
experiments and the PCM-HF-UAHF (solute) model of Ottonello and
Zuccolini (2009). There is excellent agreement between the experimentally determined hematite–goethite fractionation factor obtained
by combining the experiments of Skulan et al. (2002), Welch et al.
(2003), and the current study, with the calculated fractionations
factors obtained using the β56/54 factor for hematite from Polyakov et
Table 2
Experimentally determined Fe isotope fractionation factors at 20 °C in the system
Fe(II)aq–Fe(III)aq–goethite–hematite–siderite.
Δ56Fe

Notes

Fe(II)–Fe(III)

− 3.01

Fe(II)–goethite
Fe(II)–hematite

− 1.05
− 3.16

Fe(II)–siderite
Siderite–goethite

0.48
− 1.53

Measured from Welch et al. (2003)
and Johnson et al (2002)
This study
Calculated by combining Skulan et al.
(2002) and Welch et al. (2003)a
Measured from Wiesli et al. (2004)
Calculated by combining Wiesli et al.
(2004) and this study
Calculated combining Welch et al. (2003),
Skulan et al. (2002), and this studya

Hematite–goethite

Fig. 4. Plot of the δ56Fe values of the different extracts after 717 h of equilibration
between Fe(II)aq and goethite from the micro and nanogoethite experiments. The x-axis
is the Fe(II)aq and the y-axis is either Fe(III)surface, bulk goethite, or Fe(II)sorb (see Table 1
and text for discussion of corrections). The thick grey lines show fractionation factors
between Fe(II)aq and the other y-axis components.

2.11

There are variations in Fe isotope fractionations depending on aqueous Fe speciation
(see, for example, discussion in Hill and Schauble, 2008). The above experimentally
3
2
determined fractionation factors are best suited for the FeIII(H2O)+
and FeII(H2O)+
Fe
6
6
complexes; the fractionation between Fe(II) and Fe(III) will decrease by 0.2‰ per mole
or chloride (Hill and Schauble, 2008). Under most geologic conditions these
experimentally measured fractionations can be used without correction for aqueous
Fe speciation; under unusual chloride concentrations such as oil ﬁeld brines it may be
necessary to apply a correction for speciation.
a
The Δ56FeFe(II)aq–hematite is based on combining the work of Welch et al. (2003) and
the Skulan et al. (2002) Δ56FeFe(III)–hematite fractionation extrapolated to a temperature
of 20 °C equal to − 0.15‰. This extrapolation was done assuming Arrhenius behavior
on a plot of Δ56FeFe(III)aq–hematite and 106/T2, that Δ56FeFe(III)aq–hematite = 0 at 10,000 °C,
and the measured fractionation at 100 °C by Skulan et al. (2002) of − 0.10‰.
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Fig. 5. Plots of aqueous Fe–mineral Fe isotope fractionations measured by experiment
and combining beta values from different theoretical calculations. There is only one
beta value determination for goethite (Polyakov and Mineev, 2000); two determinations for siderite (Blanchard et al., 2009; Polyakov and Mineev, 2000) which are nearly
identical, and two determinations for hematite one by Polyakov et al. (2007) (labeled as
Polyakov; light grey ﬁeld) and the other by Blanchard et al (2009) (labeled as Blanchard;
2
include
dark grey ﬁeld with dotted lines). The beta values determined for FeII(H2O)+
6
values by Schauble et al. (2001); Anbar et al. (2005); Domagal-Goldman and Kubicki
3
(2008), and Ottonello and Zuccolini (2009) and FeIII(H2O)+
beta values are from Anbar
6
et al. (2005); Domagal-Goldman and Kubicki (2008); Hill and Schauble (2008) and
Ottonello and Zuccolini (2009). The ﬁelds shown in the ﬁgure include the maximum and
minimum beta values for the aqueous ferrous and ferric iron and the average of the
numerical mean of the aqueous Fe beta values. The experimental results are from this
study for Fe(II)–goethite, Wiesli et al. (2004) for Fe(II)–siderite, and Skulan et al. (2002) for
Fe(III)–hematite.

Fig. 6. Plot comparing experimentally determined siderite–goethite–hematite–Fe
(II)aq–Fe(III)aq fractionation factors to theoretically calculated fractionation factors
(Δ56Fex− y) versus 106/T2. All experimentally determined fractionation factors are from
experiments conducted at the University of Wisconsin Radiogenic Isotope Laboratory
and the methods used for their determination are discussed in Table 2. The curves for
the theoretically calculated fractionation factors for Fe(II)aq and Fe(III)aq are from
different calculation methods presented by Anbar et al. (2005), Domagal-Goldman and
Kubicki (2008), and Ottonello and Zuccolini (2009) and only combine beta values for
the ferric and ferrous species using the same methods, which from largest to smallest
Δ56FeFe(III)–Fe(II) values are, Ottonello and Zuccolini (2009) PCM-HF-UAHF (solute) and
B3LYP (gas) formulations, the Anbar et al. (2005) DFT formulation, the DomagalGoldman and Kubicki (2008) IEFPCM and in vacuo formulations, and the Anbar et al.
(2005) DFT-PCM calculation. The Schauble et al. (2001) calculation is not considered
because the Fe(III) beta value is a signiﬁcant outlier and is suspect because of spectroscopic
3
species are considered (Anbar et al.,
data issues. If all the beta values for the FeIII(H2O)+
6
2005; Domagal-Goldman and Kubicki, 2008; Hill and Schauble, 2008; Ottonello and
2
beta values are
Zuccolini, 2009) there is a 1.3‰ range at 20 °C, and if all the FeII(H2O)+
6
considered (Anbar et al., 2005; Domagal-Goldman and Kubicki, 2008; Ottonello and
Zuccolini, 2009; Schauble et al., 2001) there is a 1.9‰ range at 20 °C. If one considered all
possible formulations this could result in a Δ56FeFe(III)–Fe(II) from 1.5 to 4.7‰ at 20 °C. The
theoretical calculations for the siderite–goethite fractionation uses the goethite beta value
of Polyakov and Mineev (2000) and the siderite beta values of Polyakov and Mineev
(2000) and Blanchard et al. (2009) which are nearly identical and agree well with the
experimental results. Two curves are shown for the hematite–goethite fractionation and
include the curve labeled Poly–Poly uses the Polyakov and Mineev (2000) beta value for
goethite and the Polyakov et al. (2007) value for hematite and agrees well with the
experimental results. The curve labeled Blanch–Poly uses the Blanchard et al. (2009)
hematite beta value and the Polyakov and Mineev (2000) beta value for goethite.

al. (2007) and β56/54 for goethite from Polyakov and Mineev (2000). If,
however, the β56/54 factor for hematite from Blanchard et al. (2009) is
used, there is a 0.8‰ discrepancy between experiment and theory for
the hematite–goethite fractionation factor. The experimentally deter-

mined fractionation factor for siderite–goethite obtained by combining the experiments of Wiesli et al. (2004) with the current study is
identical to those calculated from theory using any combination of
β56/54 factors from Polyakov and Mineev (2000) and Blanchard et al.
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(2009). We conclude that, on balance, the predicted β56/54 factors are
reliable for calculating ﬂuid–ﬂuid or mineral–mineral fractionations,
but that it is not yet possible to conﬁdently combine β56/54 factors to
calculate ﬂuid–mineral fractionations. It is important to reconcile
these inconsistencies if the Fe isotope system is to be broadly applied.
Moreover, a self-consistent data set of β56/54 factors that agree with
experimental measurements at a single temperature will allow us to
more rigorously investigate temperature sensitivity over a wide
range, an approach that has been done for O isotopes (e.g., Clayton
and Kieffer, 1991).
4.4. Implications for natural systems
The common occurrence of nanoparticulate goethite in lacustrine
and marine sediments in part reﬂects the relatively low surface
enthalpy for nanogoethite relative to other iron oxides (Mazeina and
Navrotsky, 2005), which in turn suggests that the Fe isotope
fractionations between Fe(II)aq and goethite may be in part controlled
by surface Fe(III) rather than the bulk goethite. In their study of
bacterial dissimilatory iron reduction (DIR) of goethite, Crosby et al.
(2007) estimated the Fe isotope fractionation between Fe(II)aq and
surface Fe(III) (which they termed “Fe(III)reac”) to be −2.62 ± 0.57‰,
which is signiﬁcantly larger in magnitude than the equilibrium Fe
(II)aq–goethite fractionation of − 1.05 ± 0.08‰ measured here, but
similar to the Fe(II)aq–Fe(III)surface fractionation measured in the
current study. The low δ56Fe values that are often measured for
sediment pore ﬂuids or in lacustrine systems that have been
interpreted to reﬂect DIR (Bergquist and Boyle, 2006; Homoky et al.,
2009; Severmann et al., 2006; Tangalos et al., 2010; Teutsch et al.,
2009) would be difﬁcult to explain using the equilibrium Fe(II)aq–
goethite fractionation factor, but are more easily produced if the Fe
(II)aq–Fe(III)surface fractionation measured here was appropriate. This
is particularly true for studies where reactive Fe(III) in the sediment
has been shown to be comprised of nano crystalline goethite (e.g.,
Tangalos et al., 2010).
The ease with which Fe isotopes exchange via redox cycling between
Fe(II)aq and goethite bears on the application of Fe isotopes for tracing
abiologic and biologic processes in nature. For example, oxidation of Fe
(II)aq, followed by precipitation of ferric oxide/hydroxides by abiologic
interaction with O2 (e.g., Bullen et al., 2001) or through chemolithotrophic or photosynthetic Fe(II) oxidation (e.g., Balci et al., 2006; Croal
et al., 2004) has been modeled as a Rayleigh process, where relatively
large Fe(II)aq–ferric oxide/hydroxide fractionations are predicted at
high extents of oxidation; if isotopic re-equilibration is fairly extensive,
as shown here, this would tend to decrease the apparent Fe(II)aq–ferric
oxide/hydroxide fractionations that occur toward the end of a Rayleigh
process. In other systems, where pore ﬂuid Fe(II)aq may interact with
ferric oxide/hydroxides, the isotopic response due to exchange will
depend upon the molar proportions of Fe(II)aq and ferric oxide/
hydroxide. At low proportions of Fe(II)aq to ferric oxide/hydroxides,
the largest shifts in Fe isotope compositions will occur in the Fe(II)aq
component; in contrast, under conditions of extensive ﬂow of Fe(II)aq
through a ferric oxide/hydroxide matrix, the Fe isotope compositions of
Fe(II)aq will initially shift but then recover to be equal to the δ56Fe value
of the input Fe(II)aq (e.g., Mikutta et al., 2009). Our results bear
importantly on proposals that Fe isotopes may be an indicator of DIR in
natural systems; the continued exposure of new surface atoms that
occurs during DIR, and the associated relatively large magnitude Fe
(II)aq–Fe(III)surface fractionation determined in the current study,
supports the interpretation that DIR is the most efﬁcient process for
producing large quantities of low-δ56Fe Fe(II)aq.
4.5. Implications for oxygen isotope geochemistry
The large extent of isotopic exchange obtained here during Fe redox
cycling may warrant a new approach for determining equilibrium O
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isotope fractionation factors for oxide–water systems. Oxygen isotope
compositions of authigenic iron oxides remain an important means for
determining paleotemperatures and/or groundwater ﬂuid sources (Bao
et al., 2000; Yapp, 1987, 1990), and the δ18O values of goethite may
sufﬁciently resist diagenetic alteration to serve as a paleotemperature
proxy (Yapp, 1998). Currently, however, a large range in 18O/16O
fractionation factors exist for water-oxide systems at low temperatures,
up to ∼10‰ to 16‰ depending on oxide phase, posing a signiﬁcant
obstacle to interpreting δ18O values for iron oxides from natural
systems. To date, 18O/16O fractionation studies at low temperatures
have relied on precipitation methods, where assessment of equilibrium
conditions requires consideration of precipitation rates and solid phase
conversion (Bao and Koch, 1999; Bao et al., 2000). Previous O isotope
water-oxide experiments involved pure water, where limited recrystallization occurred, but our work shows that complete Fe isotope
exchange may be attained between Fe(II)aq and iron oxides via redox
cycling, and if complete Fe isotope exchange occurs, complete O isotope
exchange may occur as well. The concentrations of Fe(II)aq required to
promote complete isotopic exchange are not high, and unlikely to
impart “salt effects” in stable O isotope fractionation experiments (e.g.,
Hu and Clayton, 2003). For example, in the experiments of the current
study, the molar Fe/O ratio in the solutions was ∼10− 5, which would not
produce a signiﬁcant “salt effect” because the proportion of Fe–H2O
bonds, relative to H2O–H2O bonds, is small.
5. Conclusions
A set of three-isotope method experiments constrains the
equilibrium Fe isotope fractionations among aqueous and sorbed Fe
(II), surface Fe(III), and bulk goethite, where complete or nearcomplete isotopic exchange was achieved using both nanorod and
microrod goethite at room temperature over 30 days. The fractionation between Fe(II)aq and Fe(II)sorb is −1.24‰ in 56Fe/54Fe, and this
value is indistinguishable in both the nano and microrod experiments.
Previous experimental work on Fe isotope fractionations between Fe
(II)aq and Fe(II)sorb have produced a wide range of results, but the
current study is the ﬁrst that clearly establishes an equilibrium
fractionation factor between Fe(II)aq and Fe(II)sorb for goethite. The
isotopic fractionation between surface Fe(III), as sampled by stepwise
acid leaching, and Fe(II)aq varies from +2.37 to +1.63‰, and this is
signiﬁcantly different than the bulk goethite–Fe(II)aq fractionation.
These differences are interpreted to reﬂect differences in Fe(III)
bonding between surface Fe and Fe in bulk goethite. This observation
in turn may explain the small differences in the equilibrium
fractionation factor between Fe(II)aq and goethite measured for the
nano and microrod experiments, which likely originate from the
signiﬁcant differences in surface area for these iron oxides. These
isotope differences illustrate that nanoparticles may have distinct
isotopic properties from larger crystals; because such properties are
related to classical thermodynamic properties, this result is an
extension of the common observation that the thermodynamic
properties of nanoparticles may be distinct from those of larger
crystals (e.g., Navrotsky et al., 2008). Although use of nanoparticles
may be attractive in experimental studies of mass-dependent isotope
fractionation factors because of increased rates of isotopic exchange
relative to larger minerals, the results of this study suggest that
surface area-to-volume effects may be critical. We consider the
microrod experiments to be the best measurement of the equilibrium
fractionation between Fe(II)aq and goethite because these experiments were least affected by the Fe(III)surface component; using the
microrod experiments produces an equilibrium Fe(II)aq–goethite
fractionation of − 1.05 ± 0.08‰ at 20 °C. Compared to the Fe(II)aq–
goethite fractionations calculated from theory, the experimentally
determined fractionation is signiﬁcantly lower, an observation seen in
comparisons of Fe(II)aq–siderite and Fe(III)aq–hematite fractionations
measured in experiment and calculated from theory. In contrast,
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siderite–goethite and hematite–goethite fractionations obtained from
experiments and theory generally agree, suggesting that it is not yet
possible to combine predicted reduced partition coefﬁcient ratios for
ﬂuids and minerals to obtain ﬂuid–mineral fractionation factors.
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